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ABSTRACT

We investigate the pressure distribution with depth in regions undergoing horizontal shortening and
experiencing crustal thickening both analytically and numerically. Our results show that, in a convergent
tectonic setting, pressure can be considerably higher than lithostatic (the pressure resulting from the
weight of the overburden). Increases in pressure with respect to lithostatic conditions result from both
the contribution of horizontal stresses and the flexural vertical loads, the latter generated by the deflection
of the upper crust and of the mantle because of the presence of topographic relief and a root, respectively.
The contribution of horizontal stresses is particularly relevant to the upper crust and uppermost mantle,
where rocks are thought to deform brittlely. In these domains, pressure gradients twice lithostatic can be
achieved. The contribution of horizontal stresses is less important in the ductile domains as differential
stresses are progressively relaxed; nevertheless, the effects are still noteworthy especially close to the
brittle-ductile transition. Flexural vertical loads generated by the deflection of the upper crust and
lithospheric mantle are relevant for rocks of the weaker lower crust. As a result of the combination of
the two mechanisms, the pressure gradient varies vertically through the lithosphere, ranging from negative
(inverted) gradients to gradients up to several times the lithostatic gradient. The pressure values range
from one to two times the lithostatic values (1pgz to 2pgz).

Key words: lithostatic pressure gradient; pressure—depth relationship; pressure gradients two times

lithostatic.

INTRODUCTION

Assessment of the pressure and temperature at which
rocks were metamorphosed is of primary importance
in the study of a metamorphic terrane because these
estimates place important constraints on its tectonic
history. While it is widely recognized that the tempera-
ture distribution in the lithosphere can vary as a
function of the tectonic environment (e.g. England &
Thompson, 1984), pressure is thought to increase with
depth solely as a function of the overburden weight.
Some authors have suggested that the pressure
recorded by rocks may differ from lithostatic, in
particular to explain the formation of high-pressure
rocks such as eclogites and blueschists (Kamb, 1961;
Blake et al., 1967; Smith, 1988; Mancktelow, 1993).
Some authors suggested that tectonic stresses increase
the mean stress (Blake et al., 1967; Brothers, 1970) and
have suggested that petrologically derived P-T paths
may not always record depth changes but can also be
related to stress changes (e.g. Stiwe & Sandiford,
1994). The increase in mean stress in these high-
pressure rocks, however, was assumed to be limited by
the maximum differential stresses the lower crust could
sustain, the values of which were believed to be as low
as 100 MPa (Brace et al., 1970). More recent work
has challenged this assumption by recognizing that
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perturbations to the mean stress may be greater than
the differential stress (Mancktelow, 1995). Mancktelow
(1995) demonstrated that specific geometries, related
to confined flow, cause significant increases in pressure
that are not dependent on the strength of the rocks
recording the over-pressure but on their viscosity and
on the strength of the ‘container’ causing this increase.
Similar results have recently been confirmed by
Schmalholz & Podladchikov (1999).

Previous work has focused on localized variations
in pressure ascribed ultimately to heterogeneities. The
intent of our work is to show that the pressure
distribution of the entire lithosphere systematically
varies as a function of the tectonic environment. We
will show that in a convergent tectonic setting, the
pressure is considerably higher than lithostatic through
most of the lithosphere. In the stronger regions (upper
crust and uppermost mantle), these deviations in
pressure are the result of horizontal tectonic stresses.
In the weaker lower crust, deviations from lithostatic
conditions are caused by flexural loads generated by
the undulated topography of the upper crust and
the mantle.

In the first section we describe the current lithostatic
model and discuss its assumptions. In the following
sections we derive analytical pressure—depth relation-
ships for different lithospheric domains. The analytical
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predictions are then verified by finite element modelling
using a visco-elasto-plastic rheology. The model pre-
sented predicts different types of increase in pressure
with depth for different rheological behaviours. We
suggest that in brittle domains under compression the
pressure increase with depth is best approximated by
a gradient equal to twice the lithostatic gradient (P =
2pgz). In the ductile domains, the pressure gradient is
extremely variable, and, despite viscous relaxation,
significant variations with respect to lithostatic values
are produced, ranging from 1 to 2pgz.

ANALYTICAL MODELS FOR PRESSURE-DEPTH
GRADIENTS

Definition of pressure

Pressure, P, is defined mechanically as the average of
the diagonal components of the stress tensor, G4, G,
and o33, where compressional stresses are assumed to
be positive:

p_ C11+0+033 (1)
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Assuming for simplicity that (a) the maximum com-
pressive principal stress, oy, is horizontal and is equal
to o4y, (b) the minimum compressive principal stress,
o3, is vertical and is equal to o33, and (c) the
intermediate component of the principal deviatoric
stress tensor is negligible (i.e. c,,~P), the above
equation reduces to:

Introducing the differential stress Ac, so that Ac=
G, — O,, pressure can be expressed as:

Ao
P=oc5;+ > (3)

Lithostatic pressure model

If rocks cannot sustain significant differential stress
(i.e. Ao ~0) and the vertical principal stress is identical
to the overburden load (o5 =pgz), Eq. (3) reduces to
the lithostatic relationship:

P(z)=pgz (4)

where p is rock density, g is the acceleration due to
gravity and z is the depth.

The assumption that rocks cannot sustain significant
differential stress could be justified at depths greater
than 25 km for quartz rheology or 50 km for olivine
rheology (Brace & Kohlstedt, 1980). However, evidence
stemming from geophysical observations, for example
from earthquake focal mechanisms (Zoback, 1992) or
from gravimetric anomalies (Burov et al., 1998), and
from laboratory experiments (Brace & Kohlstedt, 1980;

Kohlstedt et al., 1995), has shown that larger differen-
tial stresses can be sustained in the upper crust and in
the uppermost mantle.

The assumption that the vertical principal stress is
identical to the overburden load is generally considered
to be valid below the depth of isostatic compensation.
Above this depth, however, the isostatic theory implies
that deviations are to be expected and have been
inferred from gravimetric measurements (Burov &
Diament, 1995).

In the following sections we analyse how the
lithospheric pressure distribution is influenced by
these factors.

Deviations caused by horizontal stresses

Assumptions

In this section we assume that: (a) vertical stress can
be approximated with the weight of the overburden
rocks (o3=pgz); and, (b) that lithospheric stresses can
be approximated by the rock strength as measured
in laboratory experiments (Sibson, 1977; Brace &
Kohlstedt, 1980). Similar approaches are also pre-
sented by Mancktelow (1993) and Weijermars (1993),
amongst others. Assumption (b) leads to the distinction
of brittle and ductile stress regimes within the litho-
sphere. The brittle regime is characteristic of the upper
crust and the uppermost mantle. In the brittle regime,
the relationship between principal stresses can be
expressed (see Fig. 1):

o;+0 c;—0O
% sin(®) = % (5)
where @ is the angle of internal friction (Jaeger &

Cook, 1979).

The ductile regime is characteristic of the lower
crust and of the lower lithospheric mantle, where rock
strength depends strongly on temperature, strain rate
and grain size.

Pressure in the brittle regime

The foregoing assumptions allow us to express the
horizontal stresses as a function of depth and the angle
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Fig. 1. Mohr circle representation of the relationship between
principal stresses along the yield surface.
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of internal friction (see Fig. 1):

B pgz(sin(®)+1)

o8 = = @)1

(6)
Substituting Eq. (6) and o3=pgz in Eq. (2), we obtain
the pressure—depth relationship in brittle regimes:

— P8z

P@)= sin(®)—1

(7)
Substituting ® ~30°, which is characteristic for a wide
variety of rock types (Ranalli, 1987), Eq. (7) becomes

P(z)=2pgz (8)

Thus, in brittle material under compression we expect
the pressure gradient to be twice the lithostatic
gradient. An analogous calculation can be carried out
for an extensional setting, where the pressure gradient
is then less than lithostatic.

The effects of fluids

In the above analysis we have neglected the effects of
fluids on rock strength. Fluids affect the rock strength
by reducing the effective pressure and can be accounted
for by introducing A (defined here as the ratio between
pore fluid pressure and total vertical stress) into Eq. (6)
to yield:

(—sin(®)+2 sin(@)A—1)

C1=PEz sin(®)—1 ©)
Eq. (7) can be modified accordingly:
(sin(@)A—1)
P(z)=pgz — (10)

sin(®)—1

Eq. (10) reduces to Eq. (8) if A is set to 0, i.e. if the
rocks are dry. In the case of a hydrostatic pore pressure
(A=0.3-0.4), the rock pressure gradient reduces from
2 to 1.7-1.6 times the lithostatic gradient.

Pressure in the ductile regime

Rock strength in the ductile regime is a function of
many potential variables including temperature,
strain rate and grain size (Tsenn & Carter, 1987).
Consequently, because of the chosen approach that
directly links lithospheric stresses to rock strength, the
pressure is expected to be strongly sensitive to these
parameters. For example Stiiwe & Sandiford (1994)
note that for a power-law creep rheology, Eq. (3) can
be expressed as:

8z n Q

where A, n and Q are material constants, R is the gas
constant, T is absolute temperature and ¢, is strain
rate at depth z.

Deviations caused by flexural loads

In this section we analyse deviations from the lithostatic
pressure model resulting from the presence of vertical
loads generated by lithospheric flexure. Such deviations
occur in addition to the deviations due to horizontal
stresses. These loads are assessed based on the
assumption that the lithosphere is in a relaxed state
when the surface and Moho topographies are flat.
Therefore, deviations from the flat relaxed state
generate restoring forces within quasi-elastic domains
and create pressure deviations in the lower crust. The
assumption of a flat relaxed state is particularly
applicable to the early stages of convergence. The
validity of this assumption deteriorates as irreversible
strain (e.g. thrusting) is accumulated later in the
orogeny. Irreversible deformation by faults can be
introduced into flexural models (van Balen &
Podladchikov, 1998; van Balen et al., 1998).
Lithospheric flexure is modelled using a thin-plate
approximation for perfectly elastic lithospheric layers
bounded by an inviscid sub-stratum (Turcotte &
Schubert, 1982). The geometry of the system under
consideration is illustrated in Fig. 2. This set-up
constitutes a simplification of the complexity of real
mountain belts but is frequently applied to describe
active tectonic settings (Turcotte & Schubert, 1982;
Kusznir & Matthews, 1988; Hynes et al., 1996) as it
makes a quantitative approach tractable. We utilize
this analytical description to make a first-order
assessment of the flexural vertical loads exerted on the
lower crust by the upper crust and upper mantle. The
additional pressure exerted on the lower crust (AP,)
can be expressed by the flexure equation modified to
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—_—

mantle

Fig. 2. Schematic representation of a thickened continental
region. The upper crust is deflected upwards to form
topographic relief, whereas the upper mantle is deflected
downwards to form the root of the overlying mountain belt.
The arrows represent the restoring forces acting on the lower
crust as a result of bending the rigid upper crust and upper
mantle. The pressure in the lower crust deviates from
lithostatic as a result of the increased vertical load.
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take hydrostatic restoring forces into account:
4

d*W,e
A})lc(x)zDuc dX4 +pchVuC (12)

d*W
_APIC(X):Dml W +(pml_pc)ngl (13)
where the subscripts ‘c’, ‘uc’, ‘Ic’ and ‘ml’ indicate crust,
upper crust, lower crust and mantle lithosphere,
respectively, x is the coordinate in the horizontal
direction, p is rock density, g is the acceleration due
to gravity, D is the flexural rigidity, and W (x) and
Wai(x) are the deflection in the upper crust and mantle
relative to a horizontal (relaxed) surface. To clearly
distinguish the effects of lithospheric flexure and
horizontal stresses, we set the horizontal force to 0.
The geometry of the system (Fig. 2) is constrained
so that:

Ach(x) = Wuc(x) - Wml(x) ( 14)

where AH, (x) is the thickening of the lower crust. We
consider the pressure deviation caused by cosinus
shaped crustal thickening:

AH, (x)=Ahy, cos(2mx/\) (15)

where Ahy is the thickening amplitude and A is the
wavelength.
The pressure deviation is obtained as the solution
to the system of Eqs (12)—(15):
APICZ
Ahlc(_ 16Ducﬂ:4 - pcgy\"‘) |:16Dmlﬂ:4 +(pm_ pc)gy\"‘]
(16D, + gh%p,, + 16D )2

(16)

Since any function can be written as the sum of
periodic contributions of different wavelengths (Fourier
series), the pressure deviations for any arbitrary
thickening profile can be reconstructed by linear
superposition of its waveforms obtained by applying
Eq. (16) to the individual Fourier components (wave-
forms) of the crustal thickening profile. In the following
analysis we focus on a single waveform having Ahy, as
the maximum thickening of the mountain belt (for
example 30 km for a belt in which an initially 30 km
thick crust was doubled in thickness) and A as
alternatively the topography wavelength or the width
of the belt. This waveform presumably dominates the
topography and therefore it controls the pressure
deviation since the amplitudes of the individual
waveforms of pressure deviations are proportional to
the amplitudes of the topography waveforms.

The relative rigidity of the upper crust and mantle
can be represented by the parameter a:

D D,
a= —% = (17)
Duc+Dml D

where D is approximately the integrated lithospheric

uc

flexural rigidity:
TE

D=0

(18)

where T, is the lithospheric effective elastic thickness,

E is the Young’s modulus and v is the Poisson ratio.
Thus, Eq. (16) could be reformulated:

AP — h[16(1 —a)Dr* + p.gh*1[16aDn* + (pr— po)gh*]
fe™ [16aDn* + ppgh® +16(1 —a) D0

(19)

Figure 3 shows pressure deviations from lithostatic in
the lower crust (AP,) calculated from the above
equation substituting E=1x 10 Pa, v=0.25, p.=
2700 kg m 3, p,,=3300 kg m 3 and g=9.81 m s~ 2
These results can also be displayed in normalized
fashion (Fig.4) where AP,.., corresponds to the
increase in pressure minus the gravitational effect due
to topography (AP,,— H,.p.g) normalized to the gravi-
tational effect due to thickening (H.p.g). The results
(Figs 3 & 4) show that the increase in pressure due to
flexural loads depends strongly on the width of the
mountain belt (1), with wide belts experiencing smaller
increases in pressure than narrower belts. By contrast,
increased thickening (Ah,) and increased effective
elastic thickness (T,) result in larger pressure deviations.
The results depend also on the relative strength of the
bounding plates (a). For our plots we have chosen
intermediate values, ie. a=0.5, corresponding to the
case in which crust and mantle have the same rigidity.
The pressure deviations for values of the parameter a
ranging from 0 to 1 can be calculated from Eq. (19),
although only intermediate values are likely to have
geological relevance because an extremely weak upper
crust (ax0) or an extremely weak upper mantle (@~ 1)
would impede the formation of topographic relief and
crustal roots, respectively.

It is worth emphasizing that, for the analysis
presented here, the differential stresses were set to 0.
This implies that vertical flexural loads allow the lower
crust to experience pressure increases with respect to
lithostatic without requiring lower crust strength (i.e.
Ac,=0).

The presence of vertical flexural load could cause
further pressure increases in the lower crust: vertical
loads result in increased confining pressure, thus
leading to increased rock strength favouring an
additional increase through the contribution of hori-
zontal stresses.

NUMERICAL MODEL

In this section we present a model that was used to
determine the pressure in a 2D compressive tectonic
setting numerically. This alternative approach, which
is independent of the analysis carried out above,
enabled us to test the pressure—depth relationship
derived analytically (Fig.5). In comparison to the
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Fig. 3. Dependence of magnitude of the deviations from lithostatic pressure on mountain width (A), maximum thickening of the

lower crust (Ah,) and the effective elastic thickness T, at a fixed a=0.5 as calculated from Eq. (19

)s
) for T,=20 km (a) and T,=

30 km (b). In both cases, the following material and physical constants were adopted: p,=2.7 kg m™3, p,,=33 kgm™ 3 g=

9.81 ms 2, E=1ell Pa and v=0.25.
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Fig. 4. Normalized pressure increase as a function of mountain
width at a=0.5. Different lines represent different effective
elastic thickness.

analytical approach, the numerical approach does not
distinguish so clearly amongst the contribution of the
individual mechanisms; this deficiency, however, is
compensated by the possibility of studying the interplay
between all the different processes. Furthermore,
although a model will always be a simplification
compared to nature’s complexity, with the present
model we were able to incorporate more complexity
(e.g. more complex rheologies, the effects of tempera-
ture) than was possible in the simple analytical models.
The results obtained are in good agreement with the
analytical results presented above.

Numerical simulations were carried out using
FEMREV, a numerical code developed by Yuri
Podladchikov based on an earlier viscous version
described in Poliakov and Podladchikov (1992). The

Pressure (kbar)
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Fig. 5. Schematic representation summarizing the results of the
analytical model. The pressure model for brittle rheology is
applied to the upper crust and the uppermost lithospheric mantle,
whereas the model considering flexural loads is applied to the
lower crust. In the first case, the pressure gradient is equal to
twice the lithostatic gradient. In the second case, the pressure
gradient is equal to lithostatic but the pressure values are
increased with respect to lithostatic by a fixed deviation (AP,).

2D finite element code incrementally couples plane
strain mechanical and thermal calculations. The model
(Fig. 6) consists of a box stratified into upper crust
(granite rheology), lower crust (diabase rheology) and
upper mantle (olivine rheology), deformed by the
application of lateral horizontal velocities. The mechan-
ical boundary conditions comprise a lower boundary,
fixed in the vertical direction and free to slip in the
horizontal direction; sides fixed in the vertical direction
and converging with constant velocity; and a free
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Fig. 6. Initial model set-up. The model consists of a box
stratified into upper crust (granite rheology), lower crust
(diabase) and upper mantle (olivine), deformed by the
application of lateral horizontal velocities. Dotted lines
represent isotherms.

upper surface subjected to erosion according to hill-
slope diffusion. Thermal boundary conditions are
constant temperature (0°C) at the surface, fixed
temperature at the bottom and no lateral heat flux
through the sides. The starting configuration has a
relaxed stress state with only gravitational loads and
a steady-state temperature distribution with a small
thermal perturbation at the bottom to localize
deformation.
The stress balance system of equations is:

00 4y ﬁoxz_o (20)
0x oz
anZ anz
—p(1—aT)g=0 (21)
0x 0z

where o;; is the stress tensor and positive sign implies
extension, T is the temperature, o is the thermal
expansion coefficient, and z is the vertical coordinate
directed upwards. The thermal evolution of the model
is computed from the heat conduction equation:

or oo\ (BT P
Pl T Thia ) =M e o) T2
(22)

where ¢ is time, ¢ is the specific heat, V, and V, are
the components of the velocity vector, k is the heat
conductivity and Q is the volumetric heat production.
Adiabatic and strain heating are neglected. The
incremental form of Maxwell visco-elastic rheology for

deviator components of the stress tensor, 1;; and
deviator components of strain rate tensor, &;, is:

. 1 v Tij

€= % T; + i (23)

where G is the shear modulus, p is the shear viscosity
v . . . .
and 1; is the corotational (Jaumann) objective

derivative of the deviatoric stress tensor (e.g. Biot,

1961). The viscosity coefficient, i, is chosen to comply
with the uni-axial form of the power law relationship:

E=Ae FRTAG" (24)

where R is the universal gas constant, ¢ and Ac are
axial strain rate and differential stress, respectively and
A, E and n are material constants (Table 1). Bulk
rheology is modelled as elastic. The treatment of
yielding follows non-associated Mohr—Coulomb plas-
ticity (Vermeer & de Borst, 1984). At each loading
increment, the failure criterion is checked (the frictional
angle is set to 30° to comply with Byerlee’s law) and
instantaneous volume-preserving (the dilation angle is
set to zero) plastic deformation is added to maintain
the stresses on the failure envelope. For simplicity,
fluid pressure is not taken into account.

This set-up, we believe, approximates the mechanical
(and thermal) behaviour of a lithosphere subjected to
compression. The pressure distribution and its evol-
ution as the lithosphere undergoes horizontal shorten-
ing have been studied more closely. Two numerical
experiments are presented here. The first experiment
simulated compression of a lithosphere with a standard
thermal gradient, with the bottom of the lithosphere
(1250°C) at 120 km depth. The second experiment
simulated compression of a lithosphere with a low
thermal gradient, with a 160 km thick lithosphere,
representing a continental craton. Parameters are listed
in Table 1.

Table 1. Model parameters.

Parameter Value

Length of model 1000 km

Depth of model (base of lithosphere) Run 1: 120 km
Run 2: 160 km

Granitic layer thickness (upper crust) 15 km

Diabase layer thickness (lower crust) 20 km

Olivine layer thickness (upper mantle) Run 1: 85 km
Run 2: 125 km

Temperature at the top 0°C

Temperature at the bottom 1250°C

Convergence rate 2x107 " ms™!

Bulk modulus 1x 101

Shear modulus 1x 101

Conductivity 26Wm '°C™!

Specific heat 1050 m?>s~2°C!

Granite properties

Density of granite (T=0°C) 2700 kgm 3

Power law exponent 33
Pre-exponential material parameter (4) 3.16x1072° Pa~"s™!

Activation energy 1.9x10° J mol ™!
Radioactive heat production 1x107°* Wkg™!
Diabase properties

Density of diabase (T=0°C) 2900 kg m 3

Power law exponent 3
Pre-exponential material parameter (4) 32x10720 Pa~"s7!

Activation energy 2.76 x 10° J mol !
Radioactive heat production 1x107°* Wkg™!
Olivine properties

Density of olivine (T=0°C) 3300 kgm ™3

Power law exponent 3
Pre-exponential material parameter (4) 7x 10714 pa~"s!
Activation energy 5.1x10° J mol ™!
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Results

The pressure distribution deviates significantly from
lithostatic conditions (Fig. 7). Pressure increases pro-
gressively with strain. At 5% shortening, the deviation
of pressure from lithostatic is notable through most of
the crust and upper mantle. By 10% shortening, the
pressure in the upper crust attains values approxi-
mately equal to two times the lithostatic values, closely
fitting the analytically established relationship of
Eq. (8). Considerable increases with respect to lithos-
tatic pressures are also achieved in the uppermost
mantle. The deviation is weaker in the lower crust,
where the pressure is not further increased but merely
displaced, in accordance with the AP predicted by the
analytical model for flexural loads. Note that at the
end of the experiment only 10% shortening is reached.
Thus, significant mountain building has not yet taken
place, leaving this mechanism of creating over-pressures
within the ductile lower crust partially unexploited.

DISCUSSION

Within the framework of the assumptions made, the
results presented document that large deviations from
a lithostatic pressure gradient are to be expected
throughout the lithosphere. In the case of pressure
increase due to the contribution of horizontal stresses,
the critical factor is the magnitude of the differential
stress in the upper crust and uppermost mantle. To
constrain the differential stress level in the analysis
presented, we utilized the results from rock mechanics
laboratory experiments, which are quantitatively well
documented (Brace & Kohlstedt, 1980; Kohlstedt et al.,
1995). These data are consistent with recent, indepen-

pressure (kbar)

dent estimates of lithospheric strength based on
gravimetric analyses (Burov et al, 1998). Based on
these data, our results constitute an extreme situation
that leads to the maximum deviation. The computed
pressure gradients would be reduced by stresses below
the rock strength in the brittle regime or by effective
rock strengths less than those assumed.

Increased vertical stresses lead to increases in
pressure in the lower crust independent of its strength
and therefore this mechanism does not suffer from the
above limitations. It constitutes an example of a
tectonic over-pressure that is not limited by the
strength of the rocks recording the increase in pressure
but by the rheology of the entire system (Mancktelow,
1995), in this case the lithosphere. The deviations in
pressure resulting from this mechanism make it difficult
to relate pressures to depth. The analytical model
presented can be used to estimate the pressure
deviations resulting from flexural loads. However, this
application is limited by several uncertainties. First,
the calculated pressure deviations are strongly sensitive
to the parameters (see Figs 3 & 4). Second, although
it is possible to obtain estimates of the parameters (e.g.
lower crustal thickening, width of the mountain belt
and effective elastic thickness) for present-day mountain
belts, it is more difficult to estimate the appropriate
values for exhumed collision zones.

Thermodynamic pressure

An important consideration in the relation of pressure
to depth is the nature of the thermodynamic potential
interpreted as the pressure recorded by geobarometers.
Indeed, at high differential stresses, it is legitimate to
question the wvalidity of classical thermodynamics,

pressure (kbar)
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Fig. 7. Pressure distribution with depth at different percentage shortening for (a) 120 km thick lithosphere, and (b) 160 km thick
lithosphere. The line indicated ‘lithostatic’ corresponds to a lithostatic pressure gradient (P =1pgz); the other lines correspond to the

pressure resulting from the model at different stages of shortening.
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which was originally developed for fluids, for determin-
ing the equilibrium conditions in non-hydrostatically
stressed solid systems. It is uncertain whether, for non-
hydrostatic conditions, it is appropriate to equate
pressure with the average of the normal stresses, or
whether it would be more appropriate to use the
maximum principal stress, or the stress component
normal to the boundary of the reactant phase. Several
authors have devoted considerable effort to deriving
thermodynamic theories for non-hydrostatically
stressed solids (Kamb, 1961; Kumazawa, 1963;
Paterson, 1973; Truskinovskij & Kuskov, 1982; Dahlen,
1992; Bartholomeusz, 1995). Laboratory experiments
supporting these theories show that phase transitions
can be affected by non-hydrostatic conditions (Green,
1986; Reynard et al., 1996). However, in most cases,
the magnitude of non-hydrostatic corrections to press-
ure estimates is smaller than the uncertainty of
geobarometers. For this reason, in our discussion we
assume that the results of mineral geobarometry
indicate the pressure of formation of the assemblage
(or mineral) in question.

The effects of high stresses on temperature

Differential stresses are likely to affect not only the
pressure but also the temperature, through a phenom-
enon that has recently regained attention and is
alternatively named shear heating (e.g. Stiiwe, 1998;
Harrison et al., 1999; amongst many), strain heating
(e.g. Wan et al., 1986; Perchuk et al., 1992) or viscous
dissipation (e.g. Shchipansky & Podladchikov, 1994;
Kincaid & Silver, 1996). It is worth emphasizing that
the phenomenon is not linked exclusively to friction
along fault zones but can play an important role in
any system undergoing irreversible deformation (refer-
ences above). Assuming no heat exchange with the
surroundings, a simple estimate of the stress contri-
bution to temperature for loaded rocks can be
expressed as (Chang & Cozzarelli, 1977):

oT .
CPE :Tijgij (25)

and assuming constant deviatoric stress the magnitude
of the temperature increase can be assessed by time
integration:

oT i€ Tij
AT=|—dt=|——dt= —¢; (26)
ot cp cp

where ¢; is the total strain achieved during
deformation.

As an example, a strain of 100% and differential
stresses of 300 MPa, assuming a heat capacity of c=
1000 J kg 'K~ ! and a density of p=3000kgm 3,
would cause a temperature increase of ¢. 100 °C.

Such an increase in temperature would reduce
lithospheric strength and thus partially reduce the

magnitude of stress effects on pressure and on

temperature. Further work will be required to study
the interplay between these different mechanisms in
more detail.

THERMAL AND GEOLOGICAL IMPLICATIONS

Unfortunately, any relation for the determination of
depth from pressure, be it one of the models presented
above or the conventional lithostatic model, is very
difficult to verify with geological observation because
there is no way of determining depth independently of
pressure except for very shallow levels. Measurements
of in situ stress magnitude, performed to a maximum
of 7km depth, indicate that the horizontal stresses
rarely define a lithostatic gradient but usually define
lines that corresponds to the Mohr—Coulomb failure
criterion envelopes (McGarr & Gay, 1978; Zoback &
Healy, 1984; Brudy et al., 1997)

A chance to test the validity of the model presented
to greater crustal depths is provided by preserved
pressure gradients in metamorphic terranes. These are
generally considerably steeper than lithostatic pressure
gradients, but this could be misleading as the inference
of field pressure gradients is complicated by at
least two major problems. First, P-T arrays do
not necessarily correspond to P-T gradients (e.g.
Thompson & England, 1984), and second, the steep
slope of pressure gradients could be solely the result
of tectonic thinning of the metamorphic pile.
Nevertheless, we present an example from the well-
studied Franz Josef-Fox Glacier area in the New
Zealand Southern Alps (Adams, 1981; Allis, 1986;
Grapes & Watanabe, 1992; Kamp & Tippett, 1993),
where very careful observations enable these difficulties
to be overcome. In this area, Grapes & Watanabe
(1992) were able to reconstruct an average pressure
gradient of 1 kbar km ™! over a structural thickness of
4 km. Petrological observations in these schists are in
conflict with significant shortening of the sequence
after peak metamorphism, because an apparently
complete prograde garnet—oligoclase zone mineral
sequence is not retrogressed (Grapes & Watanabe,
1992).

Steep and/or inverted pressure gradients and anom-
alous high pressures, similar to those predicted by our
model, are also typical of metamorphic ‘soles’ beneath
ophiolites. Two main problems pertain to geological
observations in these terranes. First, the pressure
recorded at the top of the sequences (directly below
the ophiolites) is ‘too large’ compared to the thickness
of the ophiolite. For example, the pressure estimate for
the formation of garnet amphibolites beneath the
Semail ophiolite is approximately 1.1 GPa (Gnos,
1998). Calculations using the lithostatic relationship
and an average density of 2800 kg m~3 yield a
thickness of nearly 40 km. The Semail ophiolite,
although characterized by a remarkable thickness,
does not exceed 20 km (Gnos, 1998). Second, within
these ophiolitic ‘soles’, pressure usually decreases
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down-depth (inverted pressure gradient) and the
gradient often is extremely steep, with metamorphism
ranging from near eclogitic facies down to greenschist
facies in the space of a few hundred metres (e.g. Spray
& Williams, 1980; McCaig, 1983; Jamieson, 1986;
Gnos, 1998). As these terranes are often located close
to the crustal brittle—ductile transition (10-20 km
depth), we argue that the observed features might
correspond to the negative and extremely steep pressure
gradient produced by our model at depths correspond-
ing to this transition.

Problematic pressures and pressure distributions
also characterize high-pressure terranes. Occurrences
of high- and very-high-pressure phases such as coesite
and diamond in metamorphic terranes are common
(e.g. Chopin, 1984; Coleman & Wang, 1995; Dobretsov
et al, 1995; Hacker et al, 1997). The estimated
pressures at which such phases have formed can reach
3 GPa (e.g. Chopin et al., 1991; Hacker et al., 1997).
Assuming a lithostatic pressure gradient (P=pgz),
these occurrences would imply that large portions of
crustal rocks must be buried to depths exceeding
100 km. These depths are believed to be impossible to
reach by burial resulting from crustal thickening, and
therefore subduction is usually advocated to reach the
required conditions. However, considering the depths
inferred, even subduction is not devoid of difficulties
for crustal rocks. The viability of this mechanism
remains to be proven for the buoyant crustal material
(e.g. Molnar & Gray, 1979). The mechanisms presented
here, which can lead to the formation of high-pressure
parageneses at shallower depth (e.g. 2 GPa and 600 °C
are reached at 40 km depth), suggest an alternative
explanation that does not require exceptional burial
depths. The reduction of the burial depth by the
contribution of a tectonically generated pressure com-
ponent would on one hand facilitate the formation of
high-pressure mineral assemblages by subduction and
on the other hand rehabilitate crustal thickening as an
alternative formation setting. It is worth emphasizing
that the mechanism we suggest for the establishment
of supra-lithostatic pressures in the lower crust, i.e. the
contribution of flexural vertical loads, does not require
high deviatoric stresses and is therefore compatible
with microstructural observation suggesting little
deformation in these high-pressure rocks.

Even greater problems than those posed by the
formation of very-high-pressure rocks are presented by
their exhumation. This can be testified by the number
of recent publications concerned with the variety of
exhumation models that have been proposed (e.g.
Cloos, 1982; Platt, 1986; Chopin et al., 1991; Chemenda
et al., 1995). Platt (1993) has compiled a list of features
commonly observed in high-pressure terranes against
which exhumation models should be tested. This list
includes constraints in time and in geological setting.
With some exceptions, exhumation occurs during
convergence (e.g. Michard et al.,, 1993) and in the early
stages of the orogenic cycle (Winkler & Bernoulli,

1986; Michard et al., 1994; Boundy et al., 1996) thus
preceding the exhumation of terranes exhibiting
Barrovian-type metamorphism. Moreover, Platt (1993)
has outlined the presence in many high-pressure
terranes of significant pressure gaps and pressure
inversions, i.e. decreasing pressure with increasing
structural depth (Blake et al., 1967; Jayko et al., 1987;
Hacker et al., 1997).

The pressure model proposed here leads to the
fulfilment of the constraints listed above. Indeed
compression is necessary to achieve and maintain high
pressures. Furthermore the mechanisms presented are
thought to be the most efficient in the initial stages of
continental convergence, because during the initial
thickening phases the spacing between the isotherms
is increased, which leads to an overall lithospheric
strengthening. This strengthening would favour a
significant tectonic contribution to pressure. In the
following stages, however, the geotherm would increase
towards the pre-thickening geotherm and significant
heating would result from the advection of deeply
buried material. Weakening would be the mechanical
consequence of heating and the tectonically originated
pressure contribution would be decreased, changing
the type of metamorphism from high-P to Barrovian.
Moreover, the numerical experiments presented predict
the existence of depth regions with inverted pressure
gradients. These regions are located immediately below
the brittle—ductile transition, approximately in depth
ranges between 15 and 20 km. The model results also
indicate the presence of extremely high pressure
gradients (up to 2 kbar km~!), which in the case of
sporadic sampling or of small displacement along late
faults could result in the observed pressure gaps.

High pressure gradients have implications also in
the derivation of geothermal gradients when these are
derived by equating pressure to depth. Figure 8 shows
how the geothermal gradient would rotate with respect
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Fig. 8. Projection of the geothermal gradient on two different
pressure—depth axes. The gradient rotates with respect to the
depth axis if the pressure axis is stretched as a function of the
pressure model adopted.
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to the depth axis as a function of the pressure model
adopted. Thus, the same increase in temperature with
depth could result in two different ‘apparent’ tempera-
ture gradients depending on whether a lithostatic
pressure gradient or a higher pressure gradient is
adopted. In the first case, the temperature gradient
will appear smaller than in the second (Fig. 8).

CONCLUSIONS

We have presented two mechanisms capable of increas-
ing pressure with respect to lithostatic conditions in
compressive tectonic settings. The first mechanism is
an increase ascribable to the contribution of horizontal
tectonic stresses. This mechanism is relevant for the
upper crust and uppermost mantle, where the rocks
are deformed brittlely. In these domains the pressure
gradient may be twice the lithostatic gradient (P=
2pgz). In the ductile lower crust, the effects of the
horizontal stresses diminish progressively. However,
close to the crustal brittle—ductile transition and at the
interface with the mantle, considerable variations
persist also in the lower crust. Furthermore, in regions
of thickened crust, the ductile regions are likely to
experience the greatest variations in pressure because
of vertical loads generated by the deflections resulting
from the presence of topographic relief and its roots.
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